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ABSTRACT: Radiative–convective equilibrium (RCE) is an idealizedmodel of the atmosphere in which surface fluxes exactly
balance radiative cooling. While recent work has shown RCE over land is a reasonable first-order model of continental climate,
previous RCE studies have mainly focused on ocean surfaces. Unlike the ocean, the land surface has limited water and a low
heat capacity. Here, we use theory and simulations to understand RCE over an idealized land surface with fixed soil moisture, a
logical next step in the land climate model hierarchy. The fixed soil moisture case is also relevant to irrigated areas, groundwater-
fed ecosystems, and broader debates about potential evapotranspiration (PET), aridity, and their changes in a warming world.
We derive a parsimonious gray gas theory that reproduces major aspects of cloud-permitting simulations of RCE over an ideal-
ized land surface and permits analytic solutions for several special cases. Over fixed dry surfaces, the theory shows that hydrologi-
cal sensitivity follows Clausius–Clapeyron scaling, considerably greater than the typical 2%–3% K21 over oceans. Over fixed
saturated surfaces, the theory reconciles divergent explanations for hydrological sensitivity based on surface and atmospheric en-
ergy budgets, with changes in near-surface relative humidity playing a key role. Finally, the theory shows that PET primarily
scales with surface net radiation, rather than temperature or vapor pressure deficit, in agreement with recent empirical findings.
The predicted PET scaling implies only modest changes in global mean aridity with warming, rather than the large increases im-
plied by some prior studies. Biological plant responses to increasing carbon dioxide (CO2) are not essential to this explanation.

SIGNIFICANCE STATEMENT: Will global warming make the world more arid? There has been a lot of debate on
this question, with some arguing it will drastically increase aridity. Answering it requires understanding changes in atmo-
spheric water demand: the evapotranspiration that would occur if the land surface was always kept saturated. We use basic
physics to understand climate over land surfaces in which soils are kept saturated}and, more broadly, fixed at any level of
saturation, from wet to dry. Our results support the view that global warming will not drastically increase aridity, on aver-
age. We also show that rainfall increases with warming at a faster rate over fixed dry land surfaces than it does on Earth
(where land surfaces change from dry to wet and back again).
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1. Introduction

Radiative–convective equilibrium (RCE) is an idealized
state in which surface heat fluxes balance atmospheric radia-
tive cooling, on average (Manabe and Strickler 1964; Manabe
and Wetherald 1967). While only strictly valid in the global
mean, it has become a widely celebrated idealization (e.g.,
Jeevanjee et al. 2022) that is central to our understanding of
Earth’s climate (Manabe and Wetherald 1967; Ramanathan
and Coakley 1978). It has also proven a useful idealization for
understanding various aspects of tropical climate. However,
its utility beyond the tropics is less well appreciated. Miyawaki
et al. (2022) recently demonstrated the approximate validity
of an RCE-like regime (which includes cases in which atmo-
spheric moist static energy flux divergence contributes signifi-
cantly to cooling the column, unlike classical RCE) as far as

408N in the zonal and annual mean. They attribute this result
to the presence of land. This suggests that RCE may provide
at least some first-order understanding of large-scale midlati-
tude continental regions, too (see section 2g for further discus-
sion on this point).

In this study, we consider RCE over an idealized inland con-
tinental region with essentially fixed soil moisture (more pre-
cisely, soil moisture is relaxed to a fixed value on a time scale
of 1 day). Why fix soil moisture? While most land on Earth
does not have fixed soil moisture, it is the logical next step in
the model hierarchy (Held 2005; Jeevanjee et al. 2017; Maher
et al. 2019), analogous to fixing surface temperatures. Almost all
previous cloud-permitting studies have focused on RCE over an
ocean surface [while studies that parameterize convection have
provided useful insights (Rochetin et al. 2014; Becker and
Stevens 2014; Zhou et al. 2023), our focus here is on studies
that resolve it]. Over ocean, the surface is saturated and its
temperature is often treated as fixed (e.g., Tompkins and Craig
1998; Bretherton et al. 2005). In contrast, land can dry out, and
its temperature is not fixed: It responds interactively to radia-
tive forcing, due to its much lower heat capacity. Cronin and
Chavas (2019) simulated a dry surface in RCE, but surface
temperatures remained fixed. Several studies allowed surface
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temperatures to vary interactively but retained a saturated sur-
face (Cronin et al. 2015; Hohenegger and Stevens 2016; Tan
et al. 2016; Schneider et al. 2019). Others have explored RCE
over land with interactive soil moisture in a few special cases.
Leutwyler and Hohenegger (2021) simulated RCE over a
tropical island, whereas our focus is on inland continental re-
gions where sea-breeze effects are insubstantial. Hohenegger
and Stevens (2018) conducted cloud-permitting simulations of
RCE over an idealized land surface with interactive soil mois-
ture. Our study differs from their work in several respects, in-
cluding by conducting a wider range of RCE simulations with
varied top-of-atmosphere (TOA) insolation, and in deriving a
simple theory to explain our results over a wide range of cli-
mates. Our work also differs from Cheng et al. (2021), who con-
ducted a suite of RCE simulations over a land surface. That
work focused on transient soil moisture–precipitation feedbacks,
whereas our study addresses the equilibrium state.

Of particular relevance to the fixed soil moisture case is the
fate of potential evapotranspiration (PET) in a warming world.
PET is the evapotranspiration rate that would occur over a land
surface if it was saturated (or, more generally, not constrained
by land surface water limitation). Some of the most common ar-
guments about the fate of the water cycle in a warming world
are based on changes in the ratio PET/P (the “aridity index”),
where P is the precipitation. Ambiguity in the definition of
PET results in profoundly different aridity projections in future
climates, depending on which definition of PET is used. If PET
is assumed to largely scale with saturation vapor pressure defi-
cit, then both theory (Sherwood and Fu 2014) and models
(Scheff and Frierson 2014, 2015) project significant drying of land
surfaces in a warmer world. On the other hand, if PET is assumed
to largely scale with surface net radiation (Budyko 1958; Milly
and Dunne 2016), then there is essentially no discernible
change in aridity with warming, on average (Greve et al. 2019).
Which scaling for PET is correct? Answering this question re-
quires understanding climates in which soil moisture is fixed.

A common objection to fixing soil moisture is the claim that
water is no longer conserved. For example, in an environment
with low precipitation and high evapotranspiration rates, fixing
soil moisture at a high value implicitly requires an additional,
seemingly artificial water source for water to remain conserved.
However, essentially saturated soils naturally arise in otherwise
dry landscapes on Earth in the current climate, implying there is
nothing artificial about this scenario. A prominent example is
the Qattara Depression in the Sahara Desert, which includes pe-
rennially wet marshes, salt pans, and even lakes, despite very
low rainfall (Ball 1933; Embabi 2018). Water is supplied by mas-
sive groundwater aquifers that filled during wetter past climates
(Voss and Soliman 2014). More generally, the Qattara Depres-
sion is an example of a groundwater-dependent ecosystem (Laio
et al. 2009; Tamea et al. 2009; Rohde et al. 2024), for which soil
water storage is essentially fixed at a high value in an otherwise
dry environment. Groundwater-dependent ecosystems are
present in at least one-third of global drylands (Rohde et al.
2024). In addition, large parts of the central United States,
India, and the North China Plain are irrigated using ground-
water. The aim of irrigation is to essentially fix soil moisture
at a relatively high value, at least during the growing season.

At the opposite extreme, in an environment with high precipita-
tion and low evapotranspiration rates, fixing soil moisture at a
low value implicitly requires an additional, seemingly artificial
water sink for water to remain conserved. Again, there is noth-
ing necessarily artificial about this scenario: For example, soil
moisture is approximately fixed at a relatively low value in rocky
or urban environments wherewater drains efficiently from the sur-
face to groundwater reservoirs (Chen et al. 2022) or engineered
drainage systems. In short, there is nothing unphysical about fixing
soil moisture at either high or low values, since groundwater reser-
voirs can (and, in many places, do) act as a source or sink to close
thewater budget.

This manuscript is structured as follows. In section 2, we de-
rive a simple theory for RCE over land and discuss its assump-
tions and limitations. In section 3, the theory is evaluated using
a suite of cloud-permitting simulations spanning a wide range
of climates. In section 4, we consider a special case of the theory
that permits analytic solutions. The analytic theory is then used
to answer several basic questions about hydrological sensitivity
over land and ocean (section 5) and to address the debate
about how aridity should be expected to change in a warming
world (section 6). We conclude with a summary and an outline
of possible future applications in section 7.

2. Theory

a. Overview

Our theory extends the work of Robinson and Catling (2012)
to include a land surface and a hydrologic cycle (Fig. 1). It has
three governing equations: 1) energy balance at the tropopause
[Eq. (5)], 2) energy balance at the land surface [Eq. (6)], and
3) an equation based on a recent theory of relative humidity
(McColl and Tang 2024) that approximately corresponds to
energy balance below the lifting condensation level [LCL;

FIG. 1. Schematic overview of the theory. The theory consists
of three governing equations: energy balance at the tropopause
[Eq. (5)], energy balance at the surface [Eq. (6)], and an equation
[Eq. (7)] based on a recent theory of near-surface RH over land
(McColl and Tang 2024) that conceptually corresponds to energy
balance below the LCL. The three governing equations are used
to solve for three unknowns: surface temperature (Ts), near-sur-
face air temperature (Ta), and near-surface RH. The vertical coor-
dinate shown here is the optical depth (t), with specific values
shown for the surface (t0), LCL (tLCL), and tropopause (tc). The
surface sensible (H) and latent (lE) heat fluxes are also shown.
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Eq. (7)]. These three equations are used to solve for three
unknowns: surface temperature (Ts), near-surface air tempera-
ture (Ta), and near-surface relative humidity (RH). There are
10 parameters (discussed in further detail below): the surface
emissivity (es), the optical depth at the surface (t0) and at the
tropopause (tc), a parameter relating optical depth to pressure
(n), the bulk atmospheric lapse rate (b), net shortwave radia-
tion at the surface [F net

* (t0)] and at the tropopause [F net
* (tc)],

downwelling longwave radiation at the tropopause (F2
c ), sur-

face aerodynamic conductance (ga), and surface conductance to
water vapor (gs). As we will show, the theory is not particularly
sensitive to some of these parameters. In section 4, we consider
a simpler version of the model that only requires four parame-
ters [t0, n, b, and F net

* (t0)].
b. Vertical profiles of optical depth and temperature

As in Robinson and Catling (2012), we assume gray radia-
tive transfer. Following Robinson and Catling (2012), the gray
thermal optical depth t is related to atmospheric pressure by
the relation:

t 5 t0
p
p0

( )n
, (1)

where p is the atmospheric pressure, t0 is the gray infrared op-
tical depth integrated down from the TOA to the reference
pressure level p0, and n is a fitted parameter that typically lies
between 1 and 4 (O’Gorman and Schneider 2008; Beucler and
Cronin 2016).

Using the same approach as in Robinson and Catling (2012),
the temperature profile T between the surface and the tropo-
pause is

T 5 Ta
p
p0

( )b
, (2)

where Ta is the near-surface air temperature and b is the bulk
atmospheric lapse rate, which is treated as an external parameter
in their simple model. For a dry adiabat, b 5 (cp 2 cy)/cp, where
cp and cy are the specific heat capacities of air at constant pres-
sure and constant volume, respectively (using typical values on
Earth, this implies b ’ 0.29 for a dry adiabat). However, in
RCE, the temperature profile is typically closer to a moist adia-
batic lapse rate, for which b is temperature dependent and lower,
with typical values in the range of 0.18–0.22. Like Robinson and
Catling (2012), b is treated as a fixed parameter, rather than in-
ternally determined, in our theory. We could have instead used
an exact or approximate expression for b that includes tempera-
ture dependence instead of prescribing it as a fixed parameter,
but this greatly complicates the theory. We discuss this limitation
further at the end of this section.

In contrast to Robinson and Catling (2012), we do not explic-
itly model the stratosphere, consistent with similar previous stud-
ies (Pierrehumbert 2010). While our focus is on the troposphere,
we do allow for stratospheric contributions to the troposphere
through the parameter F2

c ; however, it has a generally small im-
pact on our results.

c. Gray gas longwave radiative transfer

We employ a gray radiative transfer scheme for longwave
radiation, as in Robinson and Catling (2012). The two-stream
Schwarzschild equations for the upwelling and downwelling
longwave radiative fluxes (F1 and F2, respectively) in a one-
dimensional, plane-parallel, and gray atmosphere are (e.g.,
Pierrehumbert 2010) as follows:

dF1

dt
5 D[F1(t) 2 sT(t)4],

dF2

dt
52D[F2(t) 2 sT(t)4],

where s 5 5.673 1028 W (m2 K4)21 is the Stefan–Boltzmann
constant and D ’ 1.66 is the diffusivity factor. These two equa-
tions can be solved by substituting in Eqs. (1) and (2) and applying
two boundary conditions. The first boundary condition is the up-
welling longwave radiative flux at the surface: F1(t0)5 essT

4
s ,

where es is the emissivity of the land surface and Ts is the land sur-
face temperature, which differs from the near-surface air tempera-
ture Ta. The second boundary condition is the downwelling
longwave radiative flux at the tropopause: F2(tc); F2

c , where
F2
c is the imposed value and tc is the height of the tropopause in

optical depth coordinates. The resulting solutions are

F1(t) 5 essT
4
s e

2D(t02t) 1 DsT4
a

� t0

t

t′

t0

( )(4b)/n
e2D(t′2t)dt′,

(3)

F2(t) 5 F2
c e

2D(t2tc) 1 DsT4
a

� t

tc

t′

t0

( )(4b)/n
e2D(t2t′)dt′: (4)

These equations are similar to Eqs. (12) and (14) in Robinson
and Catling (2012). Differences arise because, unlike Robinson
and Catling (2012), we do not require that the land surface tem-
perature and near-surface air temperature remain identical.

d. Tropopause energy balance

At the tropopause, net shortwave radiation is balanced by
net longwave radiation:

Fnet
* (tc) 5 F1(tc) 2 F2(tc)

5 essT
4
s e

2D(t02tc) 1DsT4
a

� t0

tc

t′

t0

( )(4b)/n
e2D(t′2tc)dt′ 2 F2

c ,

(5)

where Fnet
* (tc)5 F1

* (tc)2 F2
* (tc) is the net shortwave radia-

tion at the tropopause, with F1
* and F2

* being the shortwave
equivalents of F1 and F2.

e. Surface energy balance

Unlike Robinson and Catling (2012), we also include a sur-
face energy balance. At the surface, latent and sensible heat
fluxes balance net shortwave and longwave radiation:

T A NG AND MCCO L L 664115 NOVEMBER 2025

Unauthenticated | Downloaded 01/23/26 09:34 PM UTC



rcpga(Ts 2 Ta)
︷�������︸︸�������︷H

1 rl
gsga

gs 1 ga
[q*(Ts) 2 RHq*(Ta)]

︷������������������︸︸������������������︷lE

5 Fnet
* (t0) 2 essT

4
s 1 F2

c e
2D(t02tc) 1 DsT4

a

� t0

tc

t′

t0

( )(4b)/n
e2D(t02t′)dt′︸����������������������������������������︷︷����������������������������������������︸

Rn

, (6)

where r is the density of air, cp is the specific heat capacity of air
at constant pressure, l is the latent heat of vaporization, ga is the
aerodynamic conductance (a parameter controlling near-surface
turbulent mixing, often parameterized as the product of a drag
coefficient and wind speed), gs is the surface conductance
(a parameter controlling surface water limitation), q*(T) is
the saturation specific humidity at temperature T, and RH is
the near-surface relative humidity. For a completely dry sur-
face, gs 5 0; for a completely saturated surface, gs " ‘. The
first term on the left-hand side of Eq. (6) is the surface sensible
heat flux (H), the second term is the surface latent heat flux
(lE), and the right-hand side is the surface net radiation flux
(Rn). The ground heat flux is neglected here, since it is typi-
cally relatively small over long time scales.

f. Near-surface relative humidity

Unlike Robinson and Catling (2012), our theory includes a
hydrologic cycle. To solve for evapotranspiration and precipita-
tion requires an equation for near-surface RH. We use a simple
theory derived for RH over land in a previous study (McColl
and Tang 2024):

RH 5 exp[2(1 2 EF)], (7)

where EF is the ratio of the surface latent heat flux to the sum of
surface sensible and latent heat fluxes. The equation is conceptu-
ally similar to the energy balance of the atmosphere between the
surface and the LCL in RCE, in which the surface sensible heat
flux is balanced by diabatic cooling from radiative flux diver-
gence and the reevaporation of falling hydrometeors. It has been
shown to be quantitatively accurate in the annual and zonal
mean over land, through comparison with both reanalysis data
and cloud-permitting RCE simulations. While it somewhat over-
states RH under extremely dry conditions, a more complicated
version fixes that problem [Eq. (B2) in McColl and Tang 2024].
Here, we choose to use Eq. (7) because it is simpler and is suffi-
ciently accurate for our purposes. Further details on the deriva-
tion, validation, and implications of this equation can be found in
McColl and Tang (2024).

g. Limitations

Our theory is subject to important limitations. Like the most
similar prior theory (Robinson and Catling 2012), it approximates
longwave radiative transfer as gray. This is a major simplifica-
tion, and gray gas radiative transfer has well-known limitations
in particular circumstances (Pierrehumbert 2010; Jeevanjee
and Fueglistaler 2020a,b). It also does not explicitly model
shortwave radiative transfer, although it does permit tropo-
spheric shortwave absorption [when Fnet

* (t0), Fnet
* (tc)]. Short-

wave radiative absorption becomes very important in some
circumstances, particularly in hothouse climates (Jeevanjee and

Romps 2018; Seeley and Wordsworth 2021; Liu et al. 2024) or in
the presence of significant aerosol perturbations (Dagan and
Eytan 2024). We further discuss limiting cases for which the
gray radiative transfer scheme makes the theory inapplicable
in section 4 and the appendix. In addition, the optical depth t0 is
treated as a fixed, external parameter, even though it is, in part,
a function of atmospheric water vapor. In fact, we might expect
it to be greater in wetter climates. Prior studies have made simi-
lar approximations (e.g., O’Gorman and Schneider 2008). When
varying t0, our results should be interpreted as responses to
changes in total longwave absorption, rather than any specific
greenhouse gas. However, our cloud-permitting simulations do
not use gray radiative transfer schemes and include radiatively
interactive water vapor. Despite these limitations, our theory is
able to reproduce some of the most important features of those
simulations (section 3).

Another limitation is that our theory does not internally de-
termine the lapse rate but requires its specification as a parame-
ter. The theory cannot be used to understand climate sensitivity,
since the lapse rate feedback, and thus the lapse rate itself, plays
an important role in determining climate sensitivity. However,
other aspects of climate are less sensitive to the lapse rate, in-
cluding much of the hydrologic cycle (Takahashi 2009), which is
the focus of our study.

Our study treats RCE as an analog for inland continental re-
gions that extend into midlatitudes. More broadly, it assumes
there are no lateral atmospheric fluxes. Since lateral atmospheric
fluxes are clearly not zero over land, how justified is this analogy?
In this study, the flux divergences of vertically integrated
specific humidity (q), dry static energy (d), and moist static
energy (m 5 d 1 lq) are all zero, on average. However,
given the presence of observation errors, and interest in this
case as an approximate analogy, many studies accept a
range of flux divergence values (including zero) in their defi-
nition of RCE. There are at least three ways to choose that
range. First, the range can be set to a symmetric interval
around zero with fixed end points. For example, Jakob et al.
(2019) used observations to estimate the dry static energy flux
divergence [div(d)] at different spatial and temporal scales,
where they defined regions with |div(d)| # 50 W m22 as in
RCE. As they note, any nonzero value within this range could
be reasonably attributed to observation error and is effectively
indistinguishable from zero. While their study focuses on vari-
ous regions in the tropical Pacific that are not in RCE, even in
the annual mean, their results show that many regions over
land appear to be in RCE, according to their definition (see
their Fig. 2a). Similar results are shown in Fig. 1 of Dagan and
Stier (2020), who also examine div(d) and the specific humidity
flux divergence [div(q) 5 P 2 E at equilibrium]. Second, the
range can be set to a symmetric interval around zero with spa-
tially varying end points, e.g., with end points set to be a fixed
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fraction of a flux. This approach accounts for the fact that fluxes
in the budgets for m, d, and q are typically smaller over land at
higher latitudes, which suggests that the threshold of 50 W m22

should also be smaller in these regions. Dagan and Stier (2020)
show, in their Fig. S2, that |div(q)|/P is often considerably
smaller over land than ocean, with a typical value of ;20%
(with some spread in both directions). Estimated values of
|div(d)|/P are considerably larger, however. Third, the range can
be set to an asymmetric interval around zero with spatially vary-
ing end points. Miyawaki et al. (2022) adopt this approach, clas-
sifying regions as in RCE at steady state when div(m)/QR , 0.1,
where QR is the radiative heating rate of the column. Since QR

is typically negative, regions of strong m flux divergence are in-
cluded in this definition. They justify this choice with the argu-
ment that “temperature profiles in regions of divergence are set
by convective adjustment.” Based on this definition, they find
that RCE is prominent over land in the zonal and annual mean,
as far as 408N. Overall, the available evidence suggests RCE is a
useful analog of inland continental climate, outside high lati-
tudes, while also recognizing that there are significant deviations
from this idealized model in the real world.

Our study focuses on radiative–convective equilibria but
does not say anything about transient dynamics, including those
related to soil moisture memory (Delworth and Manabe 1989;
McColl et al. 2017, 2019a; Rahmati et al. 2024) and soil mois-
ture–precipitation feedbacks (e.g., Hohenegger and Stevens
2018). It also does not address potential sensitivity to initial
conditions. In RCE over a saturated surface with fixed surface
temperatures, the final equilibrium state is insensitive to initial
conditions. However, if the surface temperature is not fixed
(as in our study), some evidence suggests that the final equilib-
rium state can be sensitive to initial conditions, implying the
existence of multiple equilibria (Renno 1997). Rochetin et al.
(2014) found multiple equilibria when simulating RCE over a
land surface with interactive soil moisture. They found that
clouds played an important role in the development of multiple
equilibria, although their model did not resolve convection.
Abbott and Cronin (2023) found multiple equilibria in cloud-
permitting simulations of an idealized land surface with interac-
tive soil moisture. However, those simulations used the weak
temperature gradient approximation, rather than RCE. All of
this suggests that multiple equilibria may well exist in RCE over
land, but they are not seen in our simulations, where surface
temperature evolves freely. In any case, our theory can be un-
derstood as providing insight into one equilibrium state, without
necessarily implying that it is the only possible equilibrium state.

3. Evaluating the theory with cloud-permitting
simulations

We conducted cloud-permitting simulations over an idealized
land surface in RCE using the System for Atmospheric Model-
ing (SAM; Khairoutdinov and Randall 2003), version 6.11.1.
The model environment is the same as in McColl and Tang
(2024), with a homogeneous grassland surface simulated by
the Simplified Land Model (SLM; Lee and Khairoutdinov 2015).
We use the Community Atmosphere Model, version 3 (CAM3),
radiative transfer scheme, a single-moment microphysics scheme,

and a 1.5-order turbulent kinetic energy (TKE) subgridscale tur-
bulence closure scheme.

Nine simulations were conducted, using three different values
for solar forcing (equivalent to solar forcing at latitudes of 88,
128, and 168N) and three different values of soil saturation (the
ratio of the volumetric soil moisture to the soil porosity s 5 0.2,
0.4, and 0.6). The domain size is 192 km 3 192 km, with a hori-
zontal spatial resolution of 3 km and doubly periodic lateral
boundary conditions. Unlike typical RCE simulations over an
ocean surface (Wing et al. 2018), we included a diurnal cycle in
our solar forcing. We did not include a seasonal cycle: Instead,
we repeated the solar forcing for 1 January for 1000 days to
reach a radiative–convective quasi-equilibrium state (Fig. 2),
with the last 30 days of the simulation used in our analysis. For
simulations at latitudes 88, 128, and 168N, the average insola-
tion at the TOA is 372, 349, and 324 W m22, respectively; the
average net shortwave radiation at the TOA is 274, 251, and
229 W m22, respectively; and the average net shortwave radia-
tion at the surface is 177, 172, and 161 W m22, respectively.
The surface albedo is approximately 0.1 in all simulations.

Our wettest simulations (s 5 0.6) approximately correspond
to a saturated soil at field capacity. More specifically, if we define
the “field capacity” sfc as corresponding to a soil saturation value
for which the hydraulic conductivity is 0.1 mm day21, then

sfc 5
ufc
us

5
0:1
Ks

( )1/(2b13)
5 0:62:

Here, we have used the standard Brooks–Corey formulation
relating hydraulic conductivity to soil saturation, ufc and us are
the volumetric field capacity and porosity, respectively, Ks is
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FIG. 2. Example simulated time series of daily mean (a) surface
(Ts) and near-surface air (Ta) temperatures and (b) latent (lE) and
sensible (H) heat fluxes from one simulation (latitude 128N and
soil saturation s5 0.4).
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the saturated hydraulic conductivity (328 mm d21 in our
simulations, a function of soil texture), and b 5 6.89 is the
Brooks–Corey parameter (a function of soil texture). This
scheme is used in our simulations, with a soil comprising
40% sand and 25% clay. Qualitatively, this means sfc is an ap-
proximate upper bound on soil saturation in our simulations
over sufficiently long time scales. To fix soil moisture, we relaxed
soil saturation s to 0.2, 0.4, and 0.6 over a time scale of 24 h. This
scheme couples soil moisture to the atmosphere on short time
scales (subdaily), while enforcing a prescribed soil moisture
value on longer time scales. As a result, the equilibrium soil
saturation differs somewhat from these three assigned val-
ues. Specifically, the average soil saturation at equilibrium is
0.29 for “s 5 0.2,” 0.47 for “s 5 0.4,” and 0.58 for “s 5 0.6.”

To compare our theory with the simulations, we first esti-
mated several of the theory’s parameters and inputs from the
simulations. The longwave broadband emissivity at the surface
(es) is assumed equal to 0.95, a value similar to that used in the
simulations. The time-averaged aerodynamic conductance (ga)
and surface conductance for water vapor (gs) were estimated
for each simulation by inverting the equations for H and lE in
Eq. (6). The lapse rate parameter (b) was estimated by fitting
Eq. (2) to simulated time-averaged vertical temperature pro-
files (as in Fig. 3b). Following Beucler and Cronin (2016), we

treated water vapor as the dominant longwave absorber and
thus estimated n by fitting the relation

q(p) 5 q0
p
p0

( )n
(8)

to time-averaged vertical specific humidity profiles (as in
Fig. 3a). For all simulations, tc was set to a fixed value of 0.01.
We tested various reasonable values of tc, corresponding to tro-
popause pressure levels between 100 and 300 hPa, and found
our results were not particularly sensitive to the choice of tc
(not shown). Similarly, for all simulations, F2

c was set at a fixed
value of 9.3 W m22, corresponding to the average value across
all simulations. Our results are also not particularly sensitive to
varying F2

c within the range observed in our simulations (not
shown). We directly used the time-averaged net shortwave radia-
tion at the surface (Fnet

* (t0)) from each simulation. For net short-
wave radiation at the tropopause (Fnet

* (tc)), we estimated it as a
weighted average of equivalent values at the top of the atmo-
sphere and at the surface: Fnet

* (tc)5 0:93Fnet
* (0)1 0:07Fnet

* (t0).
This weighting was estimated by averaging across all simulations.
Our results are not especially sensitive to this weighting. In
section 4, we further simplify by neglecting shortwave absorption
entirely. Finally, we estimated t0 for each simulation from the
tropopause energy balance [Eq. (5)].
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FIG. 3. Example simulated vertical atmospheric profiles of mean (a) specific humidity and (b) temperature from
one simulation (latitude 128N and soil saturation s 5 0.4). The simulated profiles (solid lines) are compared with the
corresponding approximations used in the theory, fitted to the simulated profiles (dashed lines): Eq. (8) for specific
humidity and Eq. (2) for temperature.
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In summary, we estimate or prescribe values for 10 parame-
ters [es, t0, tc, b, n, ga, gs, F2

c , F
net
* (tc), and Fnet

* (t0)]. The theory’s
three governing equations [Eqs. (5)–(7)] are then solved for
three unknowns (Ta, Ts, and RH). A simpler version of this the-
ory will be considered in section 4.

Comparisons between simulated and theory-predicted sur-
face temperature (Ts), near-surface air temperature (Ta), and
near-surface RH are shown in Figs. 4a–c. The theory performs
reasonably well for all three variables. Errors in the theory’s pre-
dictions are further reduced if parameters or inputs that were
prescribed the same value across all simulations (es, tc, F2

c ) are
tuned to case-specific values (not shown). The predicted fluxes
correlate reasonably well with the simulated values, although
they become increasingly biased at higher latitudes (not shown).
While several parameters have been tuned to fit the simulations,
it was not obvious a priori that our simple theory would be capa-
ble of matching the simulations this well.

Perhaps surprisingly, both surface and near-surface air tem-
peratures do not monotonically decrease with increasing soil
moisture (Figs. 4a,b). We will show shortly that the dominant
controls on surface and near-surface air temperature in our sim-
ulations are b/n and Fnet

* (tc), rather than soil moisture or re-
lated quantities.

Next, we conduct sensitivity tests to understand which pa-
rameters are most important. First, we consider an essentially
saturated surface (s 5 0.6; Fig. 5). The tropopause energy bal-
ance [Eq. (5)] primarily determines Ta and, by extension, Ts.
As an illustration of this point, in Figs. 5a and 5b, we set the
surface conductance used in the theory’s predictions to a large
value consistent with a saturated surface and compare it to
cloud-permitting simulations with the largest surface conduc-
tance values (corresponding to cases with s 5 0.6) at each lati-
tude. Other parameters are assigned their average values
across all simulations, except for Fnet

* (tc) and b/n, which are as-
signed their simulation-specific estimated values. The theory
provides reasonable estimates of surface and near-surface air
temperature. Both surface and near-surface air temperatures
increase with increasing b/n and Fnet

* (tc). This result can be

understood by referring to Eq. (5). In Eq. (5), when t0 is suffi-
ciently large, the first term on the right-hand side becomes
small. The third term on the right-hand side, F2

c , is also typically
an order of magnitude smaller than the other terms. Since t0
only varies a little between simulations, Eq. (5) implies that
Fnet
* (tc) and b/n should be the main sources of variability, as

found here.
In contrast to air and surface temperatures, for the saturated

surface considered here, RH (Fig. 5c), H (Fig. 5d), and lE
(Fig. 5e) do not vary much in response to changes in Fnet

* (tc)
and b/n. These quantities are primarily sensitive to surface
saturation (gs). The theory’s sensitivity to gs and t0 is shown
in Fig. 6, where all other parameters are set to their average
values at 128N. The three superimposed data points indicate
the three cloud-permitting simulations at 128N, which broadly
correspond to the theory’s predictions. Similar results are ob-
tained when fixing parameters to their average values at 88
and 168N (not shown). These results can be understood as fol-
lows. Higher soil moisture (and thus higher gs) causes a higher
evaporative fraction, which increases lE (Fig. 6e) at the ex-
pense of H (Fig. 6d). Since relative humidity scales with the
evaporative fraction [Eq. (7)], it is higher over soils with higher
gs (Fig. 6c), all else equal. Surface temperature slightly declines
in response to increasing gs, but the effect is small (Fig. 6a).
Perhaps surprisingly, when t0 is small, increasing gs leads to
(small) increases in Ta (Fig. 6b). In this case (small t0), surface
longwave emission is an important contributor to the tropo-
pause energy balance [Eq. (5)]. Since increasing gs cools the sur-
face and, therefore, reduces surface longwave emission, Eq. (5)
requires that near-surface air temperatures must rise to com-
pensate. However, the overall magnitude of this response is
small. To better understand these results, we turn to a simpler
version of the theory in the next section.

4. Special cases and analytic solutions

To build intuition, in this section, we consider several special
cases of the theory proposed in the previous section. For maxi-
mum simplicity, we consider the case of an all-troposphere
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FIG. 4. Evaluating the theory with cloud-permitting numerical simulations. (a) Comparison between simulated near-surface air tempera-
ture (Ta) and the predicted value from the simple theory. Each dot corresponds to one numerical simulation, with the fixed soil moisture
value for the simulation denoted by the marker type (see legend), and the latitude denoted by the marker color. The dashed line is the
one-to-one line. (b) As in (a), but for surface temperature (Ts). (c) As in (a), but for near-surface RH.
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atmosphere (tc 5 F2
c 50) that is completely transparent to

shortwave radiation [Fnet
* (t0)5 Fnet

* (tc)]. In addition, we ap-
proximate es as 1. For notational simplicity, we setD5 1, which
can be thought of as absorbing the diffusivity factor into the
definition of t (Pierrehumbert 2010).

Then, Eqs. (5) and (6) can be rewritten as

Fnet
* (t0) 5 sT4

s e
2t0 1 sT4

a

� t0

0

t′

t0

( )(4b)/n
e2t′dt′

5 sT4
s e

2t0 1 sT4
at

2(4b)/n
0 G 1 1

4b
n

[ ]
2 G 1 1

4b
n
, t0

[ ]( )
,

(9)

rcpga(Ts 2 Ta) 1 rl
gsga

gs 1 ga
[q*(Ts) 2 RHq*(Ta)]

5 Fnet
* (t0) 2 sT4

s 1 sT4
a

� t0

0

t′

t0

( )(4b)/n
e2(t02t′)dt′

5 Fnet
* (t0) 2 sT4

s 1 sT4
ae

2t0 (2t0)2(4b)/n

3 G 1 1
4b
n
, 2t0

[ ]
2 G 1 1

4b
n

[ ]( )
, (10)

where G(a, x)5 �‘
x
ta21e2tdt is the upper incomplete gamma

function, and the standard gamma function is G(a) ; G(a, 0).
Both Robinson and Catling (2012) and Pierrehumbert (2010)
derive analytic solutions invoking gamma functions for simi-
lar problems. The cases they consider typically use fixed

(rather than interactive) surface temperatures and saturated
(rather than water-limited) surfaces. Pierrehumbert (2010) con-
siders water-limited, unsaturated surfaces in a few idealized cases
in his Chapter 6 but does not incorporate an interactive equation
for RH, as we do here [Eq. (7)]. As we will show, the interactive
RH response to water limitation is highly consequential.

Next, we consider several limiting cases. For completeness,
in the appendix, we consider three cases in which our theory
fails (t0 " ‘, t0 " 0, and ga 5 0), all of which correspond to
climates that are radically different from that of the modern
Earth. Our theory is accurate in a fourth limit (ga " ‘) that
bears some useful resemblance to the modern Earth. We will
provide analytic solutions for this case. In section 5, we consider
two further limiting cases (gs " ‘ and gs 5 0) in the context of
hydrological sensitivity.

Strongly mixed limit: ga " ‘

In this section, we consider a limiting case that bears some
useful resemblance to the modern Earth and permits analytic
solutions: the strongly mixed limit, in which ga " ‘. The aero-
dynamic conductance increases with increasing surface winds,
surface roughness, or surface heating. All of these changes
promote greater turbulent mixing. In the strongly mixed limit,
the surface temperature and the near-surface air temperature
must converge (Ts " Ta), to ensure the surface sensible heat
flux does not diverge to infinity and violate the surface energy
balance. Replacing surface temperature with near-surface air
temperature in Eq. (9) results in the relation:
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FIG. 5. Sensitivity of the theory to varying Fnet∗ (tc) and b/n, for a saturated surface. Results are shown for (a) Ts, (b) Ta, (c) RH, (d) H,
and (e) lE. For other parameters, the following values are used: gs 5 106 m s21, ga 5 0.0115 m s21, t0 5 2.1, Fnet∗ (t0)5 170 W m22, and
n5 2. The three points marked on each panel correspond to the three cloud-permitting simulations with the wettest soil (s5 0.6)}at 88N
(downward triangles), 128N (circles), and 168N (upward triangles). The marker color corresponds to the actual value for that simulation.
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Ta 5 Ts 5
Fnet
* (t0)

s e2t0 1 t2(4b)/n
0 G 1 1

4b
n

[ ]
2 G 1 1

4b
n

,t0

[ ]( )[ ]⎧⎪⎪⎪⎪⎪⎪⎪⎪⎨⎪⎪⎪⎪⎪⎪⎪⎪⎩
⎫⎪⎪⎪⎪⎪⎪⎪⎪⎬⎪⎪⎪⎪⎪⎪⎪⎪⎭
1/4

,

(11)

where we have chosen the only real and positive solution to
the quartic equation. Replacing surface temperature with
near-surface air temperature in the right-hand side of Eq. (10)
(which equals the surface net radiation Rn) and substituting in
Eq. (11) results in

Rn 5 Fnet
* (t0)

3 1 2

1 1 e2t0 (2t0)2(4b)/n G 11
4b
n

[ ]
2 G 1 1

4b
n

, 2t0

[ ]( )
e2t0 1 t2(4b)/n

0 G 11
4b
n

[ ]
2 G 1 1

4b
n

, t0

[ ]( )
⎡⎢⎢⎢⎢⎢⎢⎢⎢⎢⎢⎢⎢⎢⎢⎢⎢⎢⎢⎢⎢⎢⎢⎢⎢⎢⎢⎢⎢⎢⎢⎢⎢⎢⎢⎢⎢⎢⎢⎣

⎤⎥⎥⎥⎥⎥⎥⎥⎥⎥⎥⎥⎥⎥⎥⎥⎥⎥⎥⎥⎥⎥⎥⎥⎥⎥⎥⎥⎥⎥⎥⎥⎥⎥⎥⎥⎥⎥⎥⎦:
(12)

The strongly mixed limit will prove useful for understanding
some aspects of our simulations (for which the aerodynamic
conductance is finite). In Eq. (11), the surface temperature is
entirely determined by Fnet

* (t0), b/n, and t0. This is qualitatively
consistent with our simulations, for which Fnet

* (t0) and b/n ex-
plain most of the variability in Ts and Ta (Fig. 5), whereas gs ex-
plains relatively little (Fig. 6). In our theory, surface water

limitation mainly constrains the evaporative fraction and RH,
rather than near-surface air temperature. As noted earlier, our
theory does not include any interaction between surface water
limitation and lapse rate.

Figure 7 shows Ta, Ts 2 Ta, and Rn across a wide range of
climates, obtained by varying t0. Starting with Ta, the strongly
mixed limit provides a reasonably accurate approximation of
equivalent values of Ta obtained with finite aerodynamic con-
ductance. In the limit of large t0, the surface temperature term
in Eq. (9) becomes negligible, and Ta is entirely determined by
the tropopause energy budget [Eq. (9)], that implies that Ta is
insensitive to surface conductance for sufficiently large t0 (note
that, while this makes sense for a gray gas atmosphere, it does
not account for spectral windows in the real atmosphere). For
lower t0, Ta is determined jointly by both the tropopause and
surface energy balances; thus, Ta is somewhat sensitive to sur-
face conductance.

While these differences are relatively small, it is perhaps sur-
prising that, for a given t0 and finite aerodynamic conductance,
near-surface air temperatures are (very slightly) lower for
drier surfaces, rather than higher (Fig. 7a; note that the differ-
ences in temperature are too small to be visible here). In our
theory, this is explained by differences in surface temperature
Ts. While Ts and Ta are identical in the strongly mixed limit, Ts

is greater than Ta when the aerodynamic conductance is finite.
The difference is greater for drier surfaces (Fig. 7b), resulting
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FIG. 6. Sensitivity of the theory to varying gs and t0 at 128N. Results are shown for (a) Ts, (b) Ta, (c) RH, (d) H, and (e) lE. Here, ga is
assigned the same value as in Fig. 5. Since shortwave radiation and atmospheric profiles largely control temperature (Fig. 5), we use the
average values of shortwave radiation [Fnet∗ (tc) and Fnet∗ (t0)] and b/n at 128N. Corresponding results for 88 and 168N are qualitatively simi-
lar (not shown). The three points marked on each panel correspond to three cloud-permitting simulations, with circles, diamonds, and
squares corresponding to increasing soil saturation s. The marker color corresponds to the actual value for that simulation.
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in a larger radiative loss to space from the surface and slightly
lower near-surface air temperatures (Fig. 7a) and surface net ra-
diation (Fig. 7c). Again, this explanation applies to our simple
theory, in which b/n is fixed; in the real atmosphere, both of
these quantities will respond to varying gs, to some extent, which
will alter this result.

Why does the strongly mixed limit provide a reasonable
approximation of some Earth-like conditions? In short, for
Earth-like conditions, a low aerodynamic conductance solu-
tion is an unstable equilibrium. If the aerodynamic conductance
is low, a strongly unstable near-surface temperature gradient
arises, which promotes strong convective sensible heat fluxes and
associated turbulent mixing, causing the aerodynamic conduc-
tance to rise.

The strongly mixed limit also provides a self-consistent way to
require the difference between surface temperature and near-
surface air temperature to be small. The difference between
these quantities is typically small for Earth-like conditions, particu-
larly after averaging in space and time. However, simply setting
these quantities equal and using a finite aerodynamic conductance
would require the sensible heat flux to be zero. This is a very poor
approximation over land. Instead, the strongly mixed limit results
in Ts" Tawithout requiring zero sensible heat flux.

In the next section, we consider the limiting cases of a satu-
rated (gs " ‘) and dry (gs " 0) surface, in the context of un-
derstanding hydrological sensitivity.

5. An analytic theory for hydrological sensitivity

In this section, we use the strongly mixed limit to understand
hydrological sensitivity over saturated and unsaturated surfaces
in RCE. While “hydrological sensitivity” is often defined as the
fractional change in precipitation per degree of surface warming,
here we use the term as shorthand for the relation between pre-
cipitation and temperature. Since we ignore moisture flux con-
vergence, dynamical contributions to hydrological sensitivity
(due to, e.g., changes in circulation) are ignored.

Several questions arise:

• Prior studies of hydrological sensitivity over saturated sur-
faces typically argue that hydrological sensitivity is largely

determined by changes in atmospheric radiative cooling
(Mitchell et al. 1987; Allen and Ingram 2002; O’Gorman
and Schneider 2008; Takahashi 2009; O’Gorman et al. 2012;
Pendergrass and Hartmann 2014; Jeevanjee and Romps 2018).
Others use a surface energy budget perspective, in which surface
quantities dominate the explanation (Boer 1993; Pierrehumbert
2002; Richter and Xie 2008; Andrews et al. 2009; Lorenz et al.
2010; Kleidon and Renner 2013; Siler et al. 2019; Wang
et al. 2021). How should these two perspectives be recon-
ciled? The answer is not entirely clear. For example, hydro-
logical sensitivity over saturated surfaces is dependent on the
radiative forcing agent (Andrews et al. 2010; O’Gorman et al.
2012; Kleidon and Renner 2013). Even in simulations with
simplistic gray radiative transfer, shortwave forcing results in
a concave upward relation between temperature and precipi-
tation, whereas longwave forcing results in a concave down-
ward relation (O’Gorman et al. 2012). This difference
appears to be inconsistent with certain surface energy bud-
get perspectives on the problem, which do not distinguish
between different radiative forcing agents (Siler et al. 2019).

• Prior work on hydrological sensitivity has been conducted
over largely saturated surfaces, presumably because most of
Earth’s surface is ocean. Yet, much of Earth’s surface is un-
saturated land, particularly in the Northern Hemisphere. And,
there are other planets with active hydrological cycles where
most of the surface is land rather than ocean. For example,
Titan’s surface, which includes lakes, seas, and an active
“hydrological” cycle of methane and ethane, is dominated
by land (Hörst 2017). What happens when the surface is
fixed to lower soil saturation? To our knowledge, no prior
work has considered this question.

Before addressing these questions, we show that our theory
qualitatively reproduces results from similar prior studies. The
most natural comparands are O’Gorman and Schneider (2008)
and O’Gorman et al. (2012), who both considered hydrological
sensitivity over a saturated surface with an interactive surface
temperature. These studies also used gray radiative transfer, and
O’Gorman and Schneider (2008) included an explicit RCE case
(their Fig. 4). Our theory is considerably simpler than the GCM
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FIG. 7. (a) Sensitivity of near-surface temperature (Ta) to varying t0 in the simple model [Eqs. (9) and (10)]. Unless otherwise specified,
ga 5 0.015 m s21, Fnet∗ (t0) 5 165:9Wm22, n 5 2, and b 5 0.2. Three solutions with different values of surface conductance are shown. A
fourth solution is shown for the strongly mixed limit [ga " ‘, Eq. (11)], for which the solutions are insensitive to surface conduc-
tance. (b) As in (a), but for Ts2 Ta. In the strongly mixed limit, Ts 2 Ta " 0. (c) As in (a), but for Rn. In the strongly mixed limit, Rn is
given by Eq. (12).
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used in these prior studies. To allow a fairer comparison,
rather than prescribing the lapse rate by setting b to be a
fixed parameter, we assume a moist adiabatic lapse rate that
varies with temperature and estimate b using Eq. (9) of Koll
et al. (2023). That equation provides an approximate esti-
mate of the bulk lapse rate (b) of a moist adiabat, in terms
of the near-surface air temperature. We infer other parame-
ters from the figures and text of O’Gorman and Schneider
(2008), where possible; if not, we choose values within a
physically reasonable range. The baseline optical depth t0 is
set at 5.3 and varied linearly between 1 and 60 in Fig. 8a.
The baseline net shortwave radiation is set at 165.9 W m22

and varied linearly between 96.2 and 282 W m22 in Fig. 8b.
For all simulations, ga 5 0.015 m s21 and n 5 2.

Figure 8 shows the predicted relation between near-surface
air temperature and precipitation, obtained by varying t0
(Fig. 8a) and net shortwave radiation (Fig. 8b) and for varying
levels of surface conductance. Focusing on the saturated case
(gs " ‘), our theory’s predictions compare reasonably well to
prior studies (black dots), both when varying t0 and varying net
shortwave radiation. Deviations from the results in O’Gorman
and Schneider (2008) likely arise due to a range of differences
between the two models. For example, our model neglects
Monin–Obukhov stability corrections to the aerodynamic

FIG. 8. The relation between precipitation (P) and temperature (Ta) for (a),(c) varying t0, (b),(d) net shortwave
[Fnet∗ (t0)], and (a),(b) surface conductance (gs). Solid lines correspond to results with ga 5 0.015 m s21. In (a) and (b),
for each surface conductance value, two approximate solutions using the strongly mixed limit [Eq. (16)] are also
shown: one using actual values of Ta and Rn [dashed lines, obtained by numerically solving the Eqs. (7), (9), and (10)]
and another using Eqs. (11) and (12) to approximate those quantities, respectively (dotted lines). The two approxi-
mate solutions for the case with zero surface conductance are not visible because they exactly overlap with the actual
solution. Results are compared with those from (a) Fig. 4 of O’Gorman and Schneider (2008) and (b) Fig. 2b of
O’Gorman et al. (2012) (black circles). In (a) and (c), the horizontal dashed black line corresponds to a hypothetical
case in which all net shortwave radiation is used for evapotranspiration and precipitation. In (c) and (d), two al-
ternative theories that apply to saturated surfaces with the atmosphere fixed at saturation}“equilibrium” evap-
oration [Eq. (18)] and a variant in which net radiation is held fixed [Eq. (18) but with Rn held fixed, as proposed
in Siler et al. (2019)]}are also compared with our theory (with gs " ‘, representing a saturated surface).
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conductance adopted in O’Gorman and Schneider (2008);
the gray radiative transfer schemes are somewhat different;
and the model of O’Gorman and Schneider (2008) does not
include precipitation reevaporation, which plays an important
role in determining the sensitivity of evapotranspiration to rel-
ative humidity in our theory (McColl and Tang 2024). Given
these myriad differences, the similarity is quite reasonable.

a. Explicit equation for evapotranspiration

Since we neglect moisture flux convergence, in this study,
precipitation and evapotranspiration are equivalent. Here, we
provide an explicit equation for evapotranspiration that, unlike
a common alternative, includes important land–atmosphere
feedbacks. We then use this equation later in this section to un-
derstand hydrological sensitivity. It is also used in section 6 to
understand changes in potential evapotranspiration and aridity
with warming.

We start with a standard simplification for the equation for
lE [Eq. (6)]. That equation is an implicit equation for evapo-
transpiration; here, we provide an explicit equation, which
will be useful in understanding hydrological sensitivity in the
next section. Linearizing q*(Ts) around Ta, using the defini-
tion ofH to eliminate Ts 2 Ta, replacingH with Rn 2 lE, and
rearranging to solve for lE yields

lE 5

l

cp

lq*(Ta)
RyT

2
a

︷���︸︸���︷;e

Rn 1 rlgaq
*(Ta)(1 2 RH)

e 1 1 1
ga
gs

, (13)

where, as in previous sections, we have neglected the ground
heat flux, which is typically small on long time scales over land.
Equation (13) is the well-known Penman–Monteith equation
(Penman 1948; Monteith 1965); see McColl (2020) for more
details on its derivation. It is most accurate when the differ-
ence between Ts and Ta is small, as is often the case over land,
on average, at least in the current climate. Its main advantage
over Eq. (6) is that it is an explicit equation for lE, while Eq. (6)
is not.

However, the Penman–Monteith equation does not include
an important land–atmosphere feedback, discussed in section 2f:
A wet surface, with a high EF, causes high RH. To include this
feedback, we approximate Eq. (7) as EF ’ RH, substitute this
into Eq. (13), and rearrange to obtain

lE
Rn

5
e 1 rlgaq

*(Ta)/Rn

e 1 rlgaq
*(Ta)/Rn 1 1 1

ga
gs

: (14)

This equation relates four nondimensional terms to one an-
other. The first term, lE/Rn, is the evaporative fraction. The
second term, e, is an increasing function of air temperature.
The third term, rlgaq

*(Ta)/Rn, is the ratio of two quantities: a
hypothetical latent heat flux over a saturated surface in which
Ts 5 Ta and RH 5 0, and the surface net radiation. The
fourth term, ga/gs, is the ratio of the aerodynamic conductance
to the surface conductance.

These terms are plotted in Fig. 9 as a function of temperature.
Both e and rlgaq

*(Ta)/Rn are strongly increasing functions of
temperature. When these terms dominate 1 1 ga/gs (e.g., over
wet surfaces and in sufficiently warm climates; Figs. 9a,c),
Eq. (14) implies that the evaporative fraction should approach 1
and exhibit little dependence on temperature. This is seen in
Fig. 9c where, for sufficiently warm temperatures, the evapora-
tive fraction only increases from 0.7 to 0.9 (an increase of ap-
proximately 30%) even as air temperature increases by 35 K. In
contrast, when those terms are dominated by 1 1 ga/gs (e.g.,
over dry surfaces or in sufficiently cold climates; Figs. 9b,d),
Eq. (14) implies that the evaporative fraction should exhibit stron-
ger dependence on temperature. This is seen in Fig. 9d where, over
the same temperature range, the evaporative fraction increases
from approximately 0.1–0.4, an increase of approximately 300%.

Equation (14) has important advantages over the Penman–
Monteith equation [Eq. (13)]. Whereas the Penman–Monteith
equation requires RH as an exogenous input, our equation does
not. Instead, our equation incorporates land–atmosphere feed-
backs that require RH to be approximately equal to the evapo-
rative fraction. In the context of our RCE theory, this makes
our equation considerably more accurate than the Penman–
Monteith equation with RH fixed to a prescribed value, espe-
cially over saturated surfaces (Fig. 9c). Of course, to the extent
that EF Þ RH, errors will arise, and we expect some calibration
of the functional relation between EF and RH will be required
if applied to real observations. However, the equation is suffi-
ciently accurate to illustrate our main conceptual points. As we
will discuss further in section 6, there is good reason to expect
that EF scales with RH even at quite small spatial and temporal
scales, based on several lines of evidence.

Note that this equation does not require the assumption of
gray radiative transfer, or assume a vertical structure for the
water vapor profile, or that the lapse rate is fixed. In the next
section, we will consider the strongly mixed limit, which sim-
plifies Eq. (14). When combined with analytic solutions for
near-surface air temperature and surface net radiation [Eqs.
(11) and (12), which both do require the assumptions listed
above], this leads to analytic solutions for hydrological sensi-
tivity in the strongly mixed limit.

b. Hydrological sensitivity in the strongly mixed limit

Next, we return to the strongly mixed limit, which serves as
a useful approximation that substantially simplifies the gov-
erning equations. In the strongly mixed limit,

P 5 E 5 rgsq
*(Ta)(1 2 RH): (15)

As in the previous section, if we approximate Eq. (7) as
EF5 lE/Rn ’ RH, substitute this into Eq. (15), and rearrange
to solve for P, we obtain

P 5 E 5 {(Rn/l)21 1 [rgsq*(Ta)]21}21 ;
1
2
H[Rn/l, rgsq

*(Ta)],
(16)

where H(x, y)5 2(x21 1 y21)21 is the harmonic mean of x
and y. The harmonic mean is heavily weighted toward smaller
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values: If x .. y or y .. x, then (1/2)H(x, y)’min(x, y).
More generally, it obeys the following inequality:
(1/2)min(x, y)# (1/2)H(x, y)#min(x, y). We will use these
properties in interpreting Eq. (16).

For our purposes, this is a sufficiently reasonable first-order
approximation for P, even when the aerodynamic conductance
is not infinite. Figure 8 shows this relation, for varying surface
conductance. For each surface conductance value, two approxi-
mate solutions using the strongly mixed limit [Eq. (16)] are
shown: one using values of Ta and Rn determined from the cor-
responding non–strongly mixed model (dashed lines) and an-
other using analytic solutions for Ta [Eq. (11)] and Rn [Eq. (12)]
in the strongly mixed limit (dotted lines). While these approxi-
mate solutions somewhat overestimate P for very cold tempera-
tures over saturated surfaces, they are otherwise reasonably
accurate given their simplicity.

Two important results follow immediately from Eq. (16):

• Over a sufficiently warm or wet surface [rgsq
*(Ta).. Rn/l],

P 5 E ’ Rn/l. Thus, under these conditions, changes in rain-
fall with warming follow a radiative scaling, determined by
changes in surface net radiation (or, equivalently in RCE,

changes in atmospheric radiative cooling) with warming.
Note that if, instead of invoking the approximation of Eq. (7),
we instead assumed constant RH (as in, e.g., Pierrehumbert
2002), we would have lE’ rlgsq

*(Ta)(12RH), which di-
verges to infinity in the limit of a saturated surface (gs " ‘).
This highlights the importance of near-surface relative humid-
ity in obtaining the correct scaling.

• Over a sufficiently cold and dry surface [rgsq
*(Ta),, Rn/l],

P5 E’ rgsq
*(Ta). Thus, under these conditions, changes

in rainfall with warming follow Clausius–Clapeyron scaling.

Since we provide analytic solutions for Rn and Ta in the
strongly mixed limit [Eqs. (11) and (12)], the equations provided
here for P are also analytic, so long as b is treated as a fixed pa-
rameter. Our theory naturally interpolates between the colder,
surface-dominated limit and the warmer, atmosphere-dominated
limit.

We now use this theory to answer the questions posed earlier.
We will use both the strongly mixed limit approximation
[Eq. (16)] and the more general relation [Eq. (14)] in the dis-
cussion that follows, prioritizing the use of the simpler equa-
tion [Eq. (16)] wherever additional complexity is not required.

FIG. 9. (a),(b) Terms in the explicit equation for evapotranspiration [Eq. (14)] and their dependence on tempera-
ture for (a) a saturated surface (gs " ‘) and (b) a dry surface (gs 5 1023). Values of Ta and Rn used to estimate terms
in all plots are the same as those in Fig. 8a. (c),(d) Comparison of our equation [with RH internally determined,
Eq. (14)] to the Penman–Monteith equation [Eq. (13)] with two different fixed values of RH (RH 5 0.5 and
RH 5 0.8) and the true simulated value for (c) a saturated surface and (d) a dry surface. The simulated value
is obtained from the same simulations as those used in Fig. 8a.
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c. Reconciling the atmospheric and surface energy budget
perspectives

Our theory quantitatively links the surface and atmospheric
energy budget perspectives on hydrological sensitivity. For tem-
peratures typical of current and near-future climates, it predicts
that atmospheric radiative cooling (equivalent to Rn in RCE)
should be the primary control on precipitation over saturated
surfaces (deviations from this scaling at cooler temperatures are
discussed further below). While this result is well known based
on arguments related to the atmospheric energy budget, our the-
ory derives it using the surface energy budget. The key differ-
ence between our theory and that of other surface flux-based
arguments (e.g., Siler et al. 2019; Kleidon and Renner 2013) is
that our theory directly links RH and the evaporative fraction
[Eq. (7); see McColl and Tang (2024) for further details]. Rather
than treating RH as an externally specified parameter, it is inter-
nally determined by our theory. Takahashi (2009) also solved
for RH internally, but that theory is not analytic.

For colder climates unlike those of the modern Earth, pre-
cipitation over saturated surfaces deviates from the radiative
scaling (O’Gorman and Schneider 2008), indicating that the
strongly mixed limit is an overly simplistic approximation.
This deviation is second order and not explained by Eq. (16).
However, returning to the more general relation [Eq. (14)]
and focusing on the saturated limit (gs " ‘) shows that

P 5 E 5 {(Rn/l)21 1 [eRn/l 1 rgaq
*(Ta)]−1}21

;
1
2
H Rn/l︸︷︷︸

Term 1

, eRn/l 1 rgaq
*(Ta)︸���������︷︷���������︸

Term 2

[ ]
: (17)

For temperatures typical of current and near-future climates
(Ta � 280 K), e is greater than 1, implying that term 2 is greater
than term 1 [since rgaq

*(Ta). 0]. From basic properties of the
harmonic mean, this implies that P ~ Rn/l (the radiative scal-
ing), with a constant of proportionality varying between 0.5 and 1
and approaching 1 when term 2 is much greater than term 1.
However, for colder climates (Ta � 280 K), e is less than 1,
and term 2 need not remain larger than term 1. This implies
precipitation over saturated surfaces deviates from the radiative
scaling for especially cold temperatures. Under sufficiently cold
conditions, it implies that temperature strongly constrains pre-
cipitation, consistent with prior studies (Pierrehumbert 2002).

Figures 8c and 8d compare our theory’s predictions to alterna-
tives provided in similar prior studies. “Equilibrium evapo-
ration” is the evapotranspiration that would occur over a surface
with finite aerodynamic conductance if both the surface and air
were saturated (gs " ‘ and RH 5 1, respectively; Slatyer and
McIlroy 1961; Priestley and Taylor 1972; Raupach 2000, 2001;
McColl 2020). Using Eq. (13), this implies

P 5 E 5
e

e 1 1
Rn

l
, (18)

which differs from Eq. (17). Kleidon and Renner (2013) in-
voked the principle of “maximum power” (related to the
principle of “maximum entropy production”) to derive an ex-
pression for hydrological sensitivity over saturated surfaces

that is essentially equivalent to Eq. (18) (although the validity
of that principle remains controversial, e.g., Singh and O’Neill
2022). The key difference is that Eq. (18) assumes a saturated
atmosphere (RH 5 1), whereas our theory [Eq. (17)] does not.
Instead, RH is internally determined by our theory. As can be
seen in Figs. 8c and 8d, Eq. (18) systematically underestimates
precipitation. This is expected since it assumes a saturated at-
mosphere, whereas the atmosphere is typically subsaturated,
which enhances evapotranspiration from a saturated surface.
Our theory does not make this assumption and better matches
the more complex GCM simulations.

Siler et al. (2019) proposed a simpler variant of equilibrium
evapotranspiration, in which surface net radiation is fixed to
an arbitrary value in Eq. (18). They used this expression [their
Eq. (24)] to argue that changes in precipitation are largely dic-
tated by changes in temperature rather than changes in sur-
face net radiation, even outside of especially cold conditions.
This appears to conflict with our result that radiation is the
dominant driver of precipitation over saturated surfaces out-
side of especially cold conditions. However, it is clear from
Fig. 8 that the relation between temperature and precipitation is
strongly sensitive to the type of radiative forcing applied. If
shortwave forcing is increased (Figs. 8b,d), the relation between
temperature and precipitation is concave upward, whereas the
equation provided by Siler et al. (2019) is incorrectly concave
downward (Fig. 8d). If, instead, longwave forcing is increased
(by increasing t0; Figs. 8a,c), the relation between temperature
and precipitation is concave downward, which appears to be in
agreement with the equation provided by Siler et al. (2019)
(Fig. 8c; note that the absolute values are not meaningful be-
cause the net radiation is fixed to an arbitrary value). However,
recent work (Liu et al. 2024; Bonan et al. 2024) has shown that
precipitation declines with warming in hothouse climates, due
to increased atmospheric shortwave absorption by water vapor.
This mechanism was not included in any of the idealized GCM
simulations shown in Fig. 8 (black circles). This means that,
even in the case of increased longwave forcing, the monotonic
increasing function of temperature proposed by Siler et al.
(2019) will ultimately fail in warmer climates. We conclude that
changes in surface net radiation (which is equivalent to atmo-
spheric radiative cooling in RCE) are the more general driver
of changes in precipitation, rather than changes in temperature,
at least outside especially cold conditions.

d. Hydrological sensitivity over a fixed dry surface

How should we expect hydrological sensitivity to differ be-
tween a fixed, saturated surface and a fixed, dry surface? Our
theory predicts that it should approach a Clausius–Clapeyron
scaling under sufficiently dry conditions. A similar, tempera-
ture-dependent scaling has been proposed for cold climates
(Pierrehumbert 2002), but our theory implies that a similar scal-
ing should also hold for some warm climates, too, so long as the
surface is fixed to be sufficiently dry. Figures 8a and 8b
show the predicted relation for two fixed, unsaturated sur-
faces (gs 5 1023 and gs 5 0). For a surface fixed to have
zero water (gs 5 0), there can be no evapotranspiration or
precipitation, as predicted by the theory. For a surface fixed
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to have a small but nonzero amount of water (gs 5 1023), the
relation between temperature and precipitation is concave up-
ward, like the Clausius–Clapeyron relation, and in contrast to
the concave downward relation predicted for the fixed, satu-
rated surface (gs " ‘). Over fixed, dry surfaces, the relation
between temperature and precipitation is also qualitatively in-
sensitive to radiative forcing agents (comparing Fig. 8a and
Fig. 8b), in contrast to fixed, saturated surfaces.

In climate models, hydrological sensitivity (defined as frac-
tional changes in precipitation per degree of warming) is typi-
cally lower over land than ocean (Samset et al. 2018; Allan
et al. 2020). Our theory predicts that the relation between tem-
perature and precipitation shifts from concave downward to
concave upward for drier surfaces, implying greater fractional
changes in precipitation per degree of warming over drier surfa-
ces. However, there is no contradiction with prior literature be-
cause we fix surface water limitation (gs), whereas climate
models do not. For example, the plant physiological response
to increasing carbon dioxide (CO2) causes declines in gs in cli-
mate models (Field et al. 1995), which will cause declines in hy-
drological sensitivity. Those changes are not incorporated here.
In addition, changes in moisture flux convergence are entirely
neglected here.

Prior theory for hydrological sensitivity has primarily focused
on saturated surfaces. Our theory naturally extends recent work.
Jeevanjee and Romps (2018) proposed that mean precipitation
is primarily dictated by the depth of the free troposphere in tem-
perature coordinates. They showed that this implies that the hy-
drological sensitivity over a saturated surface approximately
scales with 1/(Ts 2 Ttp), where Ttp is the temperature of the tro-
popause [see Eq. (10) in Jeevanjee and Romps 2018] and Ts is
the temperature of the saturated surface. Since the tropopause
temperature is approximately fixed across a wide range of sur-
face conditions (Hartmann and Larson 2002; Seeley et al. 2019),
it is primarily sensitive to surface temperature. In deriving this
back-of-the-envelope approximation, Jeevanjee and Romps
(2018) approximated the temperature at the lifting condensa-
tion level (TLCL) as equal to Ts. In our theory, drying the sur-
face reduces the near-surface relative humidity, which increases
the height of the LCL, and the difference between TLCL and Ts.
Therefore, we do not equate these two quantities, resulting in a
scaling for hydrological sensitivity of 1/(TLCL 2 Ttp). Over a dry
land surface, the LCL is higher and TLCL is lower, all else being
equal, which implies a greater hydrological sensitivity. Our theory
is, therefore, consistent with the argument that mean precipitation
is primarily determined by the depth of the “free troposphere”
(if one defines the “free troposphere” as the troposphere above
the LCL). Drying the surface reduces the depth of the “free
troposphere” by decreasing near-surface relative humidity
and increasing the height of the LCL.

6. Implications for changes in aridity with warming

Our theory also provides important insight into how aridity
(typically defined as the ratio PET/P, which is often referred
to as the aridity index) should be expected to change with
warming.

We begin by reviewing the debate on changes in aridity
with warming. A common view is that aridity should in-
crease rapidly with warming, on average. Sherwood and Fu
(2014) provided a mechanistic argument for this claim: 1) in-
creases in PET scale with increases in vapor pressure deficit
[VPD5 q*(Ta)(12RH)]; 2) VPD increases with warming
faster than precipitation; and 3) therefore, aridity (the ratio
PET/P) should rise with warming. Other studies have ques-
tioned these claims (Roderick et al. 2015; Milly and Dunne
2016; Swann et al. 2016; Milly and Dunne 2017; Lemordant
et al. 2018; Yang et al. 2019; Greve et al. 2019; Berg and
McColl 2021; Lian et al. 2021; McColl et al. 2022). While cli-
mate models do project robust increases in VPD over land that
exceed increases in precipitation, the same climate models do
not exhibit obvious signs of drastic drying in relevant land sur-
face variables, such as soil water storage or ecosystem productiv-
ity. The most common explanation for this discrepancy [termed
the “aridity paradox” in Roderick et al. (2015)] is increases in
plant water-use efficiency with increases in CO2 concentrations.
In a world with greater CO2 concentrations, plants transpire
less, all else being equal, meaning PET increases less rapidly
with greenhouse warming than implied by increases in VPD.
Since increases in PET estimated using the Penman–Monteith
equation [Eq. (13)] are largely driven by increases in VPD, this
also explains why aridity projections based on the Penman–
Monteith equation are also unrealistically severe.

Nevertheless, there are valid reasons to be skeptical that bio-
logical plant responses to increasing CO2 will play a first-order
role in the future of the terrestrial water cycle (Vicente-Serrano
et al. 2022). In addition, the aridity paradox arises in climate
model simulations in which the biological plant response to in-
creasing CO2 is turned off (Scheff et al. 2021). This implies that
plant physiological responses are, at most, only a partial expla-
nation for the aridity paradox.

Our theory contributes to resolving the aridity paradox
without invoking biological plant responses to increasing
CO2. It does so by predicting that PET should primarily scale
with net radiation at large scales, rather than VPD, even in
the absence of plants. To understand why, we first show a
common equation for PET, obtained by taking the limit of
Eq. (13) as gs " ‘:

lPET 5
eRn 1 rlga q

*(Ta)(1 2 RH)
︷�������︸︸�������︷VPD

e 1 1
(incorrect!): (19)

This equation includes VPD in the numerator, which increases
rapidly with warming, and is the ultimate cause of large pro-
jected increases in aridity with warming. However, this equa-
tion is an incorrect measure of PET because it does not include
an important land–atmosphere feedback, discussed in previous
sections: A wetter surface (with higher EF) causes higher RH
and lower VPD, which reduces PET. For example, in the
Sahara Desert, VPD is typically very large, meaning Eq. (19)
implies a very large PET. But, if the Sahara Desert was actu-
ally flooded with water}which is the hypothetical scenario
relevant to PET}VPD would decline substantially from its
observed value in response to land–atmosphere feedbacks
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(Gallagher and McColl 2025). Equation (19) incorrectly uses
the observed VPD in a given environment rather than the
lower value it would take if the surface was saturated, which
substantially overestimates PET (Roderick et al. 2015; Milly
and Dunne 2016; Berg and McColl 2021; Kim et al. 2023; Zhou
and Yu 2024). This is seen in Fig. 9c, where the Penman–
Monteith estimate over a saturated surface with observed
RH 5 0.5 (dashed line) substantially overestimates the true
value (solid black line), especially for warmer temperatures.

This problem is avoided if Eq. (14)}which includes rele-
vant land–atmosphere feedbacks}is used instead of the
Penman–Monteith equation. Taking the limit of Eq. (14) as
gs " ‘ results in

lPET 5 Rn

e 1 rlgaq
*(Ta)/Rn

e 1 rlgaq
*(Ta)/Rn 1 1

: (20)

[This equation is equivalent to Eq. (17), but is included
here for easy comparison to the Penman–Monteith PET
equation.] As noted in section 5a, the term multiplying Rn on
the right-hand side is only weakly sensitive to temperature for
typical Earth-like conditions (Fig. 9c). This implies that PET
scales primarily with net radiation, not temperature or VPD.

Why does this matter for the aridity paradox? As shown in
Fig. 1 of Greve et al. (2019), if PET scales with net radiation, the
aridity paradox essentially disappears, at least in the global land
mean. Prior studies have shown empirically that evapotranspira-
tion from a saturated surface primarily scales with net radiation
in daily eddy–covariance observations (Maes et al. 2019) and in
climate model simulations of historical and future climates
(Milly and Dunne 2016; Yang et al. 2019), both with and without
the biological plant response to increasing CO2 (Milly and
Dunne 2016). Our theory provides a clear mechanism for this
empirically supported scaling: Wet surfaces cause high relative
humidity, which causes net radiation to be the dominant driver
of evapotranspiration over wet surfaces (i.e., PET). Both Kim
et al. (2023) and Zhou and Yu (2024) arrive at a similar conclu-
sion, although they invoke rather different mechanisms.

There is, of course, room for a more nuanced picture at
smaller local or regional scales, or at high latitudes, for which
the land and atmosphere may be less tightly coupled. However,
alternative mechanisms exist at smaller scales that also suggest a
wet surface will cause a wet atmosphere (Bouchet 1963; Morton
1969; Brutsaert and Stricker 1979; McColl et al. 2019b; McColl
and Rigden 2020; Chen et al. 2021; Kim et al. 2023), so it is not
obvious that these conclusions fail at smaller scales.

7. Conclusions

We have presented a simple theory for radiative–convective
equilibrium over land surfaces with fixed soil moisture, a logical
addition to the land climate model hierarchy. While most land
on Earth does not have fixed soil moisture, groundwater sto-
rages act as important sources or sinks of water in many regions
and can essentially fix soil moisture at high or low values, re-
gardless of rainfall. In addition, the concept of “aridity” is
based, in part, on the evapotranspiration that would arise if an
unsaturated land surface was hypothetically saturated (PET).

Resolving the debate about how aridity will change with warm-
ing requires understanding climates in which soil moisture is
fixed.

Building on prior theory (Robinson and Catling 2012), our
theory adds a (possibly dry) land surface and an interactive
hydrological cycle (section 2). Our theory incorporates an ex-
pression for near-surface relative humidity from McColl and
Tang (2024), which is essential to the theory’s predictions of pre-
cipitation, and distinguishes it from the most similar previous lit-
erature. The simple theory is able to reproduce major aspects of
cloud-permitting simulations conducted over a wide range of cli-
mates (section 3). In a special case of some relevance to Earth
(the strongly mixed limit, section 4), a further simplified version
of the theory results in analytic solutions.

The analytic theory is then used to understand hydrological
sensitivity over saturated and unsaturated surfaces in RCE
(section 5). Over sufficiently warm saturated surfaces, the the-
ory shows that precipitation follows a radiative scaling, in
which precipitation is primarily determined by atmospheric radi-
ative cooling (or, equivalently in RCE, surface net radiation).
While this result is well known, we show directly how this scaling
arises from the surface energy budget, which has not been
shown before. Changes in near-surface relative humidity play a
critical role, and the theory of McColl and Tang (2024) is essen-
tial to this explanation. Over dry surfaces, the theory shows that
precipitation follows Clausius–Clapeyron scaling, significantly
larger than the typical value of 2%–3%K21. This result deepens
our understanding of land climate but does not directly translate
to dry land surfaces on Earth, because most land surfaces on
Earth are not fixed at low soil saturation and because neglected
changes in moisture flux convergence may be important.

Finally, our theory shows that the aridity paradox is at least
partly an artifact caused by neglecting land–atmosphere cou-
pling in the definition of PET (section 6). Various definitions of
PET exist, but all broadly aim to provide an estimate of the
amount of evapotranspiration that would occur from an envi-
ronment if it was saturated. Differences in PET equations arise
for a variety of reasons, particularly due to differences in which
aspects of the environment are assumed fixed, rather than inter-
actively responding to surface saturation. If it is assumed that
saturating the land surface has no impact on the near-surface at-
mosphere, the estimated PET will be much larger than if PET is
estimated using a formulation that accounts for land surface
feedbacks on the atmosphere. Our formulation permits the land
and atmosphere to be coupled: In particular, a wet land surface
causes a wet near-surface atmosphere. This is in contrast to pre-
vious studies emphasizing the saturation vapor pressure deficit,
which use a variant of the Penman–Monteith equation for a sat-
urated surface. That equation treats the surface as saturated but
does not include the response of RH to surface saturation in its
definition. At sufficiently large spatial scales, relevant to global
change, a truly saturated surface imposes a high near-surface rel-
ative humidity. An approximately radiative scaling can be recov-
ered using the Penman–Monteith equation for a saturated
surface if the response of RH to surface saturation is included in
its definition. The radiative scaling for PET has been shown to
be empirically successful but has lacked theoretical justification
until now. Prior work has shown that using the radiative scaling
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to estimate PET eliminates the aridity paradox (Greve et al.
2019). Our explanation is notable because it does not rely on un-
certain plant physiological responses to CO2 that are essential to
prior attempts to resolve the aridity paradox.

We conclude by noting several promising directions for fu-
ture research. The theory could be potentially improved by re-
placing the gray radiative transfer scheme with newer spectral
approaches that are still simple enough to permit basic physi-
cal insight (Wilson and Gea-Banacloche 2012; Jeevanjee and
Fueglistaler 2020b,a; Stevens and Kluft 2023; Koll et al. 2023).
Our RCE theory neglects atmospheric moist static energy flux
divergence, which is typically smaller than other terms in the
atmospheric energy budget over land when averaged over suffi-
ciently large spatial and temporal scales and outside high lati-
tudes (Miyawaki et al. 2022). A deeper understanding of the
smallest spatial and temporal scales for which this approxima-
tion is justified would improve our understanding of the theory’s
bounds of applicability. Atmospheric flux convergence terms
could be added to the theory, if necessary, potentially with parsi-
monious schemes used in earlier simple models of land climate
(Lintner et al. 2013). It may also be interesting to better under-
stand the impact of heterogeneous land cover on our findings,
which can induce nontrivial mesoscale circulations (Wang et al.
2000; Cheng et al. 2021, 2023; Cheng and McColl 2023, 2024).
Building on Hohenegger and Stevens (2018), a natural next step
would be developing a basic theory for RCE over land surfaces
with interactive soil moisture and, more generally, to understand
the most essential mechanisms that determine soil moisture in
present and future climates (Stahl and McColl 2022; Gallagher
and McColl 2025).
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APPENDIX

Three Extreme Limiting Cases

For completeness, in this appendix, we consider three ex-
treme limiting cases, corresponding to conditions that are very
far from those of the modern Earth. Our theory fails in these
cases. The primary focus of this work is on conditions typical
of the modern Earth.

First, in the strong greenhouse limit (t0 " ‘), surface tem-
peratures diverge to infinity. Shortwave radiative transfer plays
a highly significant role in determining hydrological sensitivity

in hothouse climates (Jeevanjee and Romps 2018; Liu et al.
2024). Since our theory does not include shortwave radiative
transfer, we do not expect it to be accurate in this limit, among
other reasons.

Second, in the thin atmosphere limit (t0 " 0), the gov-
erning equations can be simplified by noting that in Eq. (9),
e2t′ is approximately 1. Therefore, in the limit of t0 " 0,
Eq. (9) simplifies to

Fnet
* (t0) ’ sT4

s 1 sT4
a

�t0

0

t′

t0

( )(4b)/n
dt′ 5 sT4

s 1 sT4
a

t0
4b
n

1 1
" sT4

s :

(A1)

Using similar arguments, the right-hand side of Eq. (10) reduces
to Fnet

* (t0)2 sT4
s , which is zero based on the previous result.

Thus, Eq. (10) implies that the sum of the sensible and latent
heat fluxes is zero. This will require a stably stratified layer
(Ts , Ta), the magnitude of which will depend on the conductan-
ces and relative humidity [see Chapter 6 of Pierrehumbert (2010)
for further discussion]. Our theory fails in this limit because it
links the evaporative fraction (EF) to RH [Eq. (7)]. In this
case, the sum of the surface turbulent fluxes is zero, the EF
is infinite, and the theory predicts infinite RH, which is not
physical.

Third, in the laminar limit (ga 5 0), there are also no surface
turbulent fluxes, and surface temperatures are determined
entirely by radiative transfer. This case is not equivalent to radi-
ative equilibrium (Manabe and Strickler 1964; Manabe and
Wetherald 1967; Weaver and Ramanathan 1995; Robinson
and Catling 2012), since the temperature profile is prescribed
by Eq. (2), rather than a solution of the governing equations.
While analytic solutions for Ts and Ta are possible for this
case, we do not present them because our theory fails in this
limit, for the same reasons as for the thin atmosphere limit.
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